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[1] We use numerical modelling to investigate reactivation of inherited Offset Weak
Zones (OWZ) in continental crust and Mantle Weak Zones (MWZ) to form offset rift
basins during continental rifting and breakup. Offset rift basins are basins that are set
off/offset from the main rift/locus of breakup. Weak zones embedded in a stiff layer are
preferentially and rapidly reactivated, whereas the same zones are either ignored or
slowly reactivated when embedded in pliable layers. Here stiff implies a nonlinear flow
law with a high stress exponent (n >! 10,000), a plastic material, and pliable means a
low stress exponent (n ! 2–5) as in ductile, power-law creep of rocks. Whether offset rift
basins form during rifting of a composite lithosphere (i.e., comprising stiff and pliable
layers) depends on the competition between necking instabilities that develop at the weak
zones in the stiff layers, and the coupling between the stiff and pliable layers.
Stiff/cratonic lithosphere results in early localization of the deformation at the MWZ,
rapid necking and breakup without developing offset rift basins. In contrast, warm pliable
lithosphere develops significant offset basins and has protracted rifting because the MWZ
is now embedded in a pliable layer. We also investigate the influence of OWZ dip,
sedimentation, and the sensitivity of reactivation to the distance from OWZ to the MWZ,
and to the size of the MWZ. A tectonic rifting styles diagram is used to show that the
model results agree with natural examples.
Citation: Chenin, P., and C. Beaumont (2013), Influence of offset weak zones on the development of rift basins: Activation and
abandonment during continental extension and breakup, J. Geophys. Res. Solid Earth, 118, doi:10.1002/jgrb.50138.
1. Introduction
[2] Onshore sedimentary basins are common features
of rifted continental margins and continental rift systems. In
this paper we use “offset basins” to refer to these and other
basins whose formation is related to a rifting episode, but
whose location is offset/set off from the main locus of this
event. Our goal is to understand when these basins will and
will not develop and therefore gain insight into the behav-
ior of lithosphere during extension and rifting. Examples
of offset rift basins include the Jeanne d’Arc Basin in the
Newfoundland Grand Banks, the Fundy Basin in Nova
Scotia, the Newark, Gettysburg, Culpeper, Scottville, Rich-
mond/Taylor and Branchville/Jeburg Basins in the east-
ern United States [Withjack and Schlische, 2005]. These
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are Late Triassic to Early Cretaceous sedimentary basins
related to the opening of the central North Atlantic
Ocean [Withjack and Schlische, 2005; Schlische, 2003].
On the other side of the Atlantic, this rifting led to the
formation of the Late Triassic Middle Atlas and High
Atlas Basins onshore the Morocco margin [Laville et al.,
2004], and the more margin proximal Dakhla Basin [Petit
and Beauchamp, 1986]. In the South Atlantic, the Early
Cretaceous Recôncavo/Tucano/Jatobá Basins on the north-
eastern Brazilian margin are related to the opening of
this ocean [Rabinowitz and Labrecque, 1979], as well as
the Interior Basin and N’Kaomi Basin on the conjugate
Gabon margin [Reyre, 1984; Scotese et al., 1988; Guiraud,
1990; Guiraud and Maurin, 1991]. In the Indian Ocean,
the Exmouth, Barrow and Dampier Basins, as well as the
Timor Trough and Vulcan Sub-Basin are associated with
the Late Triassic-Early Jurassic formation of the northwest
Australian margin [Karner and Driscoll, 1999; Gartrell,
2000; Chen et al., 2002]. These basins and other examples
are shown in Figure S1 in the Supporting Information.
[3] These generally asymmetric basins are typically sev-
eral tens of kilometers wide (Figure S1). Many are bounded
by listric normal faults, which can dip either landward or
seaward, and the displacement on these faults can locally
exceed 10 km [Withjack et al., 1998; Schlische, 2003]. The
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thick fan-shaped syn-rift sedimentary structures attest to sed-
imentation coeval with tectonic subsidence, and in most
cases the thickness of post-rift sediments is small, suggest-
ing either the absence of post-rift thermal subsidence, hence
a thinning limited to the crust [Hopper and Buck, 1998], or
a lithosphere strength sufficiently high to maintain the sed-
iment load without significant isostatic subsidence [Karner
et al., 1992].
[4] Most of the basins cited above are interpreted to
result from the reactivation of preexisting, inherited, weak
zones under a tensile deviatoric stress state. For example,
according to Withjack et al. [2010], the main faults bound-
ing the Fundy, Chignecto and Minas Basins onshore of
the Nova-Scotia margin are reactivated thrust faults inher-
ited from the Alleghanian Orogeny, and possibly also from
the older Acadian, Salinian and Taconian Orogenies. Pique
and Laville [1996] extend this reactivation to the Moroc-
can margin, and Blaich et al. [2008] argue that the origin
of the Tucano Basin is from Proterozoic shear zones. As
for the Interior and N’Kaomi Basins, Mounguengui and
Guiraud [2009] emphasize the influence from the Precam-
brian tectonic fabric and the structural inheritance from
the Pan African orogenic cycle on both the mode and
distribution of extension. According to Gartrell [2000],
the development of the Jurassic rift basins onshore of
the northwest Australian margin is controlled by the tec-
tonic fabric resulting from a previous Permo-Carboniferous
extensional phase.
[5] Inheritance can take numerous forms, for exam-
ple, sutures, allochthonous thrust fronts, faults, foliations,
petrologic heterogeneities, and thermal perturbations, and
has a major influence on strain and stress localization
[Vauchez et al., 1998]. Inheritance can either be limited
to the shallowest part of the crust in the case of a thin-
skinned fold-and-thrust belt, or be pervasive and crosscut the
whole lithosphere at orogenic sutures or major transcurrent
faults [Vauchez et al., 1998]. However, thermally activated
annealing processes associated with grain regrowth will tend
to make structural heterogeneities disappear at depth where
the temperature is high [Braun et al., 1999; Yamasaki et al.,
2006].
[6] This study aims to determine, using numerical mod-
elling, how the rheology of both the lithospheric mantle and
the crust influence the occurrence, shape, size and dynam-
ics of basins that develop owing to crustal Offset Weak
Zones (OWZ). We also investigate how the dip of these
weak zones, as well as their distance from the main rift
axis affect the offset basins. Finally, we test the sensitiv-
ity of the model to the size of an embedded Mantle Weak
Zone (MWZ), which is used to represent an inherited mantle
lithosphere weakness. We follow the approach of Beaumont
and Ings [2012], but without considering a depleted man-
tle lithosphere and associated possible counterflow. We use
the numerical code SOPALE nested [Fullsack, 1995; Beau-
mont et al., 2009] to perform a series of experiments
with different lithospheric strengths and coupling efficiency
between the crust and the mantle. This lithospheric archi-
tecture is based on the Type I and Type II rheological
types defined by Huismans and Beaumont [2011]. In Type
I or Coupled (C) models, the crust is strongly coupled to
the underlying mantle, conversely in Type II or Decou-
pled (D) models, a weak ductile layer at the base of the
crust allows decoupling between the crust and the upper
mantle (Figure 1). We also expand on previous studies of
this type by testing the hypothesis that the rifting styles
depend on the contrasting stiffness and pliability of the litho-
spheric layers containing the weak zones. We explain this
hypothesis below.
2. Conceptual Mechanisms for the Development
of Offset Basins
[7] Offset rift basins are often interpreted to result from
the reactivation of preexisting crustal weaknesses in an
extensional setting. For example, Ussami et al. [1986] pro-
pose a simple shear extension model [Wernicke, 1981] as
the mechanism leading to the formation of the Tucano and
Jatobá Basins onshore of the Brazilian margin at the same
time as the Jacuipe, Sergipe and Alagoas offshore basins
(Figure S2a). This model calls upon a detachment surface
cutting through the whole crust, in this case, an inherited
thrust fault of the Proterozoic Sergipano fold belt, and suc-
cessfully explains the absence of thermal subsidence in the
Tucano Basin in contrast to the offshore basins. Castro
[1987] proposes a multiple crustal detachment model, based
on Lister et al. [1986], to account for the architecture of the
same zone (Figure S2b).
[8] Mutter and Larson [1989] propose an alternative
hypothesis for the origin of the Dampier and Barrow
Basins situated southeast of the Exmouth Plateau on the
West Australian rifted margin. According to them, sim-
ple shear along a mid-crustal décollement would allow
strain transmission from the main rift to offset preexist-
ing weak zones. Braun and Beaumont [1989] use simple
analytical and numerical models to investigate this hypoth-
esis (Figure S2c), and demonstrate that an offset basin is
only active during the early stages of continental rifting
and is later abandoned. Extension in the offset basin ceases
when the main rift begins to develop such that necking at
the main rift becomes the dominant process. This can be
interpreted as the selection of localized necking, because
based on the principle of minimum work, it requires less
work than continued offset basin extension. They also show
that the amount of extension the basin undergoes depends
strongly on the crustal rheology, the thermal state of the
lithosphere and the distance between the weak zone and
the rift.
[9] By contrast, Karner et al. [1992] claim that, although
a detachment is likely to have been active during the
formation of the Tucano/Sergipe-Alagoas/Gabon Basins
system, the coeval rifting and formation of an offset basin
with little post-rift sediment does not require a decou-
pling between the crust and the upper mantle. Indeed, if
the basin width is small compared to the flexural wave-
length (which is larger when the lithosphere is strong) the
post-rift thermal subsidence is minor, whether the exten-
sion is depth-dependent or not. More recently, (Ings, S. J.,
and C. Beaumont (in prep.), Effect of depleted con-
tinental lithosphere counterflow and inherited weakness
on rifting of continental lithosphere : Application to the
Newfoundland-Iberia and Nova Scotia-Morocco continen-
tal margins.) show that the existence of a ductile mid-
dle or lower crust increases the duration of activity in
offset basins.
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Figure 1. Model design and strength envelopes used in the different Coupled (C) and Decoupled (D)
models. OWZ = Offset Weak Zone, MWZ = Mantle Weak Zone; C = Crust, ML = Mantle Lithosphere,
SLM = SubLithospheric Mantle; WQz = Wet Quartzite, WOl = Wet Olivine; S = Stiff and P = Pliable
denote lithospheric layers. The small-scale model is embedded in the large-scale model. Sedimentation is
used in model sets 2–5.
3. Conceptual System Behavior in Terms of
Lithospheric Stiffness
[10] Our hypothesis is that a primary control on the rifting
styles of lithosphere containing weak zones is the stiff-
ness of the lithospheric layer containing the weak zone. We
briefly introduce this concept here and apply it later when
interpreting the model results. We use the terms stiff and
pliable to refer to the tendency of the lithosphere to extend
respectively with, or without, rapid onset of necking. A
stiff lithosphere results in early localization of deformation
at weak zones followed by rapid necking. Conversely, in
pliable lithosphere, both the localization and necking take
longer. The theory underlying the growth of necking insta-
bilities [e.g., Fletcher and Hallet, 1983] allows us a more
quantitative definition of stiffness. A nonlinear power-law
viscous material is stiff if the power-law exponent is large
(n > 1000–10,000), so that by definition, a mechanically
perfectly plastic material with a finite yield stress is stiff
because n ! 1. By contrast, power-law materials with
small stress exponents (n ! 2–5), typical of lithospheric
rocks deforming by ductile creep, are pliable. Stiffness
is a primary requirement for triggering rapidly growing
necking instabilities. Stiff and pliable are not equivalent to
strong and weak.
[11] These concepts are also related to Buck’s analysis
of narrow, core complex and wide rift styles of extension
[Buck, 1991; Buck et al., 1999]. The main difference is that
Buck’s analysis is based on the premise that rifts become
wide if the force needed drive extension increases during
rifting, whereas ours is based on necking instabilities in
stiff/pliable lithospheric layers. The use of analogue models
comprising sand, silicone putty and honey laminates (e.g.,
Benes and Davy [1996] and Brun [2002] for a review) is
closer to our approach, but does not consider the role of
weak zones. In contrast, Dyksterhuis et al. [2007] focus on
the effect of weak zones in numerical models of extension,
but not on the stiffness of the layers. We agree with Schueller
et al. [2010] that numerical experiments are a better way
to identify the parameters that eventually control the way
the brittle layers fracture. Here, we focus on the relative
growth rates of necking instabilities, located on inherited
weak zones in the crust and upper mantle lithosphere, and
the effect of the stiffness of the lithospheric layers on these
growth rates.
3
CHENIN AND BEAUMONT: OFFSET WEAK ZONES AND RIFT BASINS
[12] In the main modelling section, we test our hypothesis
by considering the behavior of the two-dimensional system
(Figure 1) in which the lithosphere contains small inherited
weak zones. To keep the model simple, we consider a sys-
tem with two small OWZ in the upper crust, which is cold,
frictional-plastic, and therefore stiff in most models, and a
small MWZ in the upper mantle lithosphere situated mid-
way between them. These zones are considered to be weak
as a consequence of earlier strain softening that reduced
their respective internal angles of friction. In these mod-
els, lithospheric extension under far-field velocity boundary
conditions will be governed by the intrinsic (i.e., without
the weak zones) lithospheric rheological layering, a com-
bination of frictional-plastic (brittle) faulting/shearing and
power-law ductile flow, onto which the effects of the weak
zones are superimposed.
4. Method
[13] We first focus on the influence of both crust and
mantle stiffness on extension localized on inherited weak
zones. A 5 km thick decoupling layer at the base of the crust
determines whether crust and mantle lithosphere act inde-
pendently (Figure 1). In set 1 experiments, we use the very
simple basic model, with stiff and pliable layers (Figure 1).
We do not include sedimentation, but weak diffusive ero-
sion is modeled to prevent slumping of the surface layer
(see below). In the other sets of models, we use more real-
istic rheologies and add sedimentation in order to study the
effect of the dip geometry (set 2) and investigate in greater
depth the influence of crustal rheology (set 3) on the dynam-
ics of rift basin formation. Finally, we test the sensitivity of
the model to the distance between the OWZ and the MWZ
(set 4) as well as its sensitivity to the size of the MWZ
(set 5).
4.1. SOPALE Nested
[14] We use an Arbitrary-Lagrangian-Eulerian (ALE)
finite element model SOPALE nested [Fullsack, 1995;
Beaumont et al., 2009] for the calculations. The model
solves 2D thermo-mechanically coupled, incompressible
viscous-plastic creeping (Stokes) flows (equations (1)–(3))
of a layered crust, lithosphere and sublithospheric man-
tle, with brittle (frictional-plastic) and thermally activated
power-law viscous rheologies (equations (4) and (5)). The
equations solved are
@!ij
@xi
–
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@xi
+ "g = 0 i, j = 1, 2 (1)
@vi
@xi
= 0 i = 1, 2 (2)
"Cp
!
@TK
@t
+ #i
@TK
@xi
"
= K(TK)
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@xi2
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(3)
J02 = P sin$eff + C cos$eff (4)
% = fA–1/n
#PI02$ 1–n2n exp!Q + PV*nRTK
"
(5)
where !ij is the deviatoric stress tensor, xi are the spatial
coordinates, P is the dynamical pressure, " the density, g
the gravitational acceleration, vi a component of velocity, Cp
the specific heat, TK the absolute temperature, t the time, K
the thermal conductivity (which is temperature-dependent in
the mantle, see below), AR the radioactive heat production
per unit volume, and ˛ the volumetric thermal expansiv-
ity. In the frictional-plastic failure criterion (equation (4)),
J02 =
# 1
2!
0
ij!
0
ij
$1/2 is the square root of the second invari-
ant of the deviatoric stress, C is the cohesion, $eff is the
effective internal angle of friction, taking account of hydro-
static fluid pressure (using P sin$eff = (P – Pf) sin$ where
Pf is the pore-fluid pressure, which gives $eff ! 15ı when
$ = 30ı), and ! 0ij is the deviatoric stress tensor. In power-law
flow (equation (5)), A is the pre-exponential scaling factor,
PI02 =
# 1
2 P&0ij P&0ij
$
is the second invariant of the deviatoric strain
rate tensor, n is the power law exponent, Q is the activation
energy, V* is the activation volume (which makes the viscos-
ity dependent on pressure P), TK is the absolute temperature,
R is the universal gas constant, and P&0ij is the strain rate ten-
sor. f is a scaling factor chosen to represent materials that
are viscously weaker or stronger than the reference flow law.
The thermal and mechanical characteristics of each material
are summarized in Table 1.
[15] Equation (3) is the energy balance in which the
last term is the temperature correction for adiabatic heating
when material moves vertically at velocity v2. The mechan-
ical and thermal systems are solved sequentially during
each model time-step, and they are coupled through the
temperature-dependent viscosity and density.
4.2. Model Design
[16] The model (Figure 1) comprises the upper 600 km
of the continental mantle and lithosphere and contains two
overlapping regions, a large-scale domain model (1200 km
horizontal " 600 km vertical, 400 " 140 elements) and an
embedded small-scale model (300–900 km horizontal and
0–49 km vertical, 800 " 196 elements). The purpose is to
achieve a higher resolution solution by solving the prob-
lem sequentially, first for the large-scale domain and then
for the high-resolution small-scale domain using boundary
conditions derived from the large-scale model solution. The
finite element grid for the small-scale domain is defined by
increasing the resolution of the large-scale grid by multiples
m = 4 and p = 3 in the horizontal and vertical directions,
respectively. Elements in the small-scale model are 750 m
wide by 250 m thick. The large-scale model has free vertical
slip side and free horizontal slip basal boundary conditions.
Horizontal velocities are specified on the side boundaries,
and there is no material flux through the base. Both have
a stress-free upper surface, and the velocity boundary con-
ditions are specified by interpolating the large-scale model
velocities on its other boundaries.
[17] In all models, the initially 35 km thick continental
crust comprises (Figure 1) an Upper Crust (UC, orange) and
a Lower Crust (LC, sand color). The Mantle Lithosphere
(ML) comprises the Upper Mantle Lithosphere (UML,
green), and Lower Mantle Lithosphere (LML, light violet),
and is underlain by the Sub-Lithospheric Mantle (SLM, yel-
low). The base of the lithosphere is at a depth of 132 km.
The models have a small (12 km wide by 5 km thick) MWZ
characterized by the same rheology as the UML in which
it is embedded, but with the internal angle of friction ($eff)
reduced to 2ı as the result of inherited strain softening as
is explained below. The two small (3 km wide by 16 km
thick) crustal OWZ crosscut the whole UC and are located
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Table 1. Material and Thermal Properties
Property Symbol Value
Frictional-plastic parameters
Crust and mantle internal !eff 15! 2
angle of friction (ı)
Crust cohesion (Pa) CCrust 1.107
Mantle cohesion (Pa) CMantle 2.106
Crust wet quartzite WQz
Power law exponent nCrust 4.0
Activation energy (J mol–1) Q 223.103
Initial constant (tensor invariant) (Pa –n s–1) A 8.574.10–28
Scaling factor fCrust variable
Density (kg m–3) " 2800
Coefficient of thermal expansion (ıC –1 ) ˛ 3.1.10–5
Lower crust dry maryland diabase DMD
Power law exponent n 4.7
Activation energy (J mol–1) Q 485.103
Initial constant (tensor invariant) (Pa –n s–1) A 5.77904.10–27
Scaling factor f 0.1
Density (kg m–3) " 2900
Coefficient of thermal expansion (ıC –1) ˛ 3.0.10–5
Mantle wet olivine WOl
Power law exponent nML = nSLM 3.0
Activation energy (J mol–1) Q 430.103
Activation volume (m3 mol–1) V* 12.10–6
Initial constant (tensor invariant) (Pa –n s–1) A 1.7578.10–14
Upper mantle scaling factor fUML 0.5 or 3.0
Upper mantle density (kg m–3) "UML 3350
Lower mantle scaling factor fLML 3.0
Upper mantle density (kg m–3) "LML 3350
Coefficient of thermal expansion (ıC –1) 3.4.10–5
Sublithospheric mantle scaling factor fSLM 1
Sublithospheric mantle density (kg m–3) "SML 3370
Coefficient of thermal expansion (ıC –1) ˛SLM 3.7.10–5
Moho temperature (ıC) TMoho 600
Base lithosphere temperature (ıC) TLAB 1330
Basal heat flux (mW m–2) q 22
Surface heat flux (mW m–2) qs 55.25
Crust radiogenic heat ARCrust 0.95
production (#Wm–3)
Crust thermal conductivity (W m–1 ıC) kCrust 2.25
Mantle lithosphere thermal KML(T) 5–3
conductivity (W m–1 ıC)
Temperature range for KSLM(T) (ıC) TMoho 0–777
Sublithospheric mantle thermal KSLM(T) 3–40
conductivity (W m–1 ıC)
Temperature range for KSLM(T) (ıC) TMoho 1323–1423
at a distance of 150 km on either side of the MWZ. They
have similarly reduced internal angles of friction ($eff = 2ı)
compared to the encompassing crust and represent inher-
ited strain-softened spots that may localize the deforma-
tion during extension. Lithospheric extension at full rate
v = 1 cm a–1 is driven by side boundary conditions where
horizontal velocities, ˙ v/2 are applied to the lithosphere
on each side and are flux-balanced by small inward veloc-
ities below the lithosphere. These models are designed to
investigate passive rifting of the lithosphere over a laterally
uniform SLM.
[18] The models have water loading with surface level
equal to a depth of 1 km. In the models including sedi-
mentation, sediments are deposited 1 km below the model
surface in the offset basins and 4 km below the model
surface in the distal regions of the main rifted margins
(Figure 1). Weak erosion is modeled by diffusion of the
surface at a rate proportional to the curvature of the
topography.
4.3. Mechanical Material Properties
[19] When materials deform by brittle failure, they are
stiff. The plastic yield obeys the Drucker-Prager yield cri-
terion (equation (4)). Strain softening is included in all
brittle materials (but note it will not affect material that
flows viscously) by decreasing $eff from 15ı to 2ı as
accumulated effective strain increases from 50% to 150%.
This decrease is designed to represent the combined effects
of higher than hydrostatic pore-fluid pressures, physico-
chemical mineral transformations that lead to the develop-
ment of clay fault gouge with fabric, as in phyllosilicates,
and dynamical/velocity weakening of the faults during seis-
mic slip. The aim is to represent the development of very
weak faults. Even though the mechanisms responsible for
very weak faults are still debated, it is agreed that weak
faults exist [e.g., Suppe, 2007; Moore and Rymer, 2007;
Collettini et al., 2009]. The results are not very sensitive
to the range of strain softening [Huismans and Beaumont,
2003]. Once initiated, the softening progresses rapidly
owing to the strong positive feedback that softening has on
strain localization. However, the required low values of $eff
are, in part, related to the resolution of the finite element
grid. Were we able to increase the model resolution by say
an order of magnitude, the minimum value of $eff could
probably be increased to 5ı–8ı.
[20] The ductile materials are pliable (nCrust = 4; nML =
nSLM = 3; see Table 1). The Crust has a flow law based
on “Wet” Quartzite (WQz) [Gleason and Tullis, 1995], the
ML and SLM on “Wet” (but not saturated) Olivine (WOl)
[Karato and Wu, 1993] and the LC in one of set 3 mod-
els on Dry Maryland Diabase (DMD) [Mackwell et al.,
1998]. The model uses laboratory-derived parameters for
these rheologies to calculate the effective viscosity %, using
the power-law expression for dislocation creep when the
state of stress is below plastic yield (equation (5)). The rheo-
logical parameters used for WOl, WQz and DMD are given
in Table 1, and Tables 2–4 show how they vary among model
sets. Note that relative viscosities among materials, calcu-
lated using equation (5), are viscosities calculated at the
same strain rate, and relative values will be different from
those calculated at the same state of stress.
Table 2. Rheologies Used in Set 1 Modelsa
Model UC LC Dcpl. Layer UML LML
Name WQz, f = WQz, f = WQz, f = WOl, f = WOl, f =
SS(C)SP 100 100 None 3 3
SS(C)PP 100 100 None 0.5 3
SP(C)SP 1 1 None 3 3
SP(C)PP 1 1 None 0.5 3
SS(D)SP 100 100 0.1 3 3
SS(D)PP 100 100 0.1 0.5 3
SP(D)SP 1 1 0.1 3 3
SP(D)PP 1 1 0.1 0.5 3
aWQz = Wet Quartzite, WOl = Wet Olivine; S = Stiff, P = Pliable, the
Upper Crust (UC), Lower Crust (LC), Upper Mantle (UML) and Lower
Mantle (LML) being listed in order; (C) and (D) indicate whether the crust
and mantle are Coupled or Decoupled, respectively. Values in “Dcpl. layer”
give the scaling factor for the WQz for the decoupling layer when it exists.
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Table 3. Rheologies Used in Set 3 Modelsa
Model UC Dcpl. Layer UML LML
Name WQz, f = LC WQz, f = WOl, f = WOl, f =
Ref 1 WQz, f = 1 None 0.5 3
WC 0.2 WQz, f = 0.2 None 0.5 3
WLC 1 WQz, f = 0.2 None 0.5 3
SLC 1 DMD, f = 0.1 None 0.5 3
Basal dcpl 1 WQz, f = 1 0.1 0.5 3
MC dcpl 1 WQz, f = 1 0.1 0.5 3
aRef = Reference model, WC = Weak Crust, WLC = Weak Lower Crust,
SLC = Strong Lower Crust, Basal dcpl = Basal decoupling layer and MC
dcpl = Mid Crustal decoupling layer; UML = Upper Mantle Lithosphere,
Dcpl. layer = Decoupling layer, LC = Lower Crust, UC = Upper Crust;
WQz = Wet Quartzite and DMD = Dry Maryland Diabase.
[21] Although all materials have both viscous and
frictional-plastic properties, they deform according to the
mechanism that requires the smaller second invariant of
the stress. This means the materials can be adjusted to
be either viscous (pliable) or frictional-plastic (stiff) by
scaling the effective viscosity by a suitable choice of
f (equation (5)).
[22] We use the Boussinesq approximation [Schubert
et al., 2001] in the calculations, which means densities are
not adjusted for compressibility when buried. Density does,
however, change as a result of thermal expansion. Models
have standard properties for the mantle (Table 1) in which
the material density is 3370 kg m–3 for the SLM and is
slightly depleted (3350 kg m–3) for the ML. The ML has
either a single strong rheology (WOl, f = 3), which repre-
sents a moderately “dry” mantle that was depleted during
dehydration by melt extraction, or a two-layer rheology, in
which the UML is weaker (WOl, f = 0.5), which corresponds
to shears containing ultramylonites [Precigout et al., 2007].
4.4. Thermal Properties
[23] The temperature field is laterally uniform and the
system is in thermal steady-state in the initial configura-
tion. The model has a constant heat flux across the base
(q = 2 mW m–2), is insulated (q = 0) along the sides and
has an initial surface heat flux of qs = 55.25 mW m–2.
The crust has uniform radiogenic heat production, ARCrust =
0.95 'W m–3. The Moho temperature is initially 600ıC,
and the base of the lithosphere is initially 1330ıC. The ML
and SLM have temperature-dependent conductivities con-
sistent with an olivine-dominated composition, such that the
conductivity of the mantle lithosphere KML(T ) decreases lin-
early from 5.0–3.0 W m–1 K–1 over a temperature range
T = 0–777ıC. The conductivity of the SLM, KSLM(T )
increases linearly from 3.0–40.0 W m–1K–1 over a temper-
ature range T = 1323–1423ıC to achieve heat transport in
the SLM equal to that of low Rayleigh number convection
(Table 1).
5. Results : Effect of Crust and
Mantle Stiffness
[24] We test the influence of both crust and mantle stiff-
ness by scaling their respective power law creep viscosities
with a factor f (equation (5)), as noted above. The models are
not totally general, but represent reasonable approximations
to natural systems. We chose to keep the temperature regime
the same in all models with the base of the crust at 600 ıC
and use f-scaling to make layers either stiff or pliable. For
example, fCrust = 1 makes the UC stiff and the LC pliable,
whereas fCrust = 100 makes the entire crust stiff. Correspond-
ingly, fULM = fLML = 3 makes the UML stiff and the LML
pliable. Using fUML = 0.5 makes the UML pliable. The rhe-
ology characterizing each model is summarized in Table 2.
In naming the models, we use the notation S or P to denote
Stiff or Pliable layers, in which the UC, LC, UML and LML
are listed in this order. The notations (C) and (D) indicate
when the crust is Coupled to the mantle or Decoupled from
it by a 5 km weak layer (WQz, f = 0.1) at the base of the
crust. For example, the SS(C)SP model has fCrust = 100 and
fUML = fLML = 3, whereas the SP(D)PP model has fCrust = 1,
except for the bottom 5 km where f = 0.1, and fUML = 0.5 and
fLML = 3.
5.1. Rifting of Coupled (C) Crust and
Mantle Lithosphere
5.1.1. SS(C)SP: Coupled Stiff Crust and
Stiff Upper Mantle
[25] When both the crust and the UML are stiff ( fCrust =
100; fUML = fLML = 3) and strongly coupled (Figure 2), the
OWZ are abandoned before experiencing significant defor-
mation and no offset basins form. Indeed, after 2.6 Ma, all
the deformation is localized on a single set of conjugate nor-
mal shear zones rooted in the MWZ. These crustal-scale
shear zones delimit a keystone, which subsides as the under-
lying UML is removed on each side. At the same time, the
LML and SLM move upward isostatically, leading to flex-
ural uplift of the rift shoulders, reaching an elevation of
approximately 5 km. As extension continues, the normal
shear zones rotate and flatten until a new one fragments the
keystone into two smaller blocks. Rifting is completed by
12.5Ma and is characterized by a narrow and relatively sym-
metric asthenosphere uplift, and there is no shearing between
crust and mantle.
[26] In summary, this SS(C)SP system (Figure 2) is char-
acterized by rifting localized by the MWZ located in the stiff
UML. The OWZ are essentially ignored.
5.1.2. SS(C)PP: Coupled Stiff Crust and Pliable Mantle
[27] When the crust is stiff ( fCrust = 100) and coupled to a
pliable UML ( fUML = 0.5; Figure 3), deformation is initially
distributed between shears seeded in both the OWZ and
Table 4. Timing of Localization of the Deformation at the Locus
of the Final Breakup and Timing of the Breakup as a Function of
Mantle Weak Zone (MWZ) Sizea
Pliable LC and Stiff UML - SP(C)SP
MWZ size x! y (km) 12! 5 6! 2 2! 1
Localization place MWZ MWZ MWZ
Localization time (Ma) 5 9 16
Breakup time (Ma) 21 25 30
Pliable LC and Pliable UML - SP(C)PP
MWZ size x! y (km) 12! 5 6! 2 2! 1
Localization place MWZ MWZ between the leftOWZ and MWZ
Localization time (Ma) 27 35 40
Breakup time (Ma) 46 50 52
aThe crust is fCrust = 1, and fUML = 3 and 0.5, respectively for the stiff and
pliable cases.
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Figure 2. SS(C)SP. Evolution of (a) the small-scale model (x = 300–900 km; y = 0–50 km) and (b) final
stage in the upper 300 km of the large-scale model (x = 0–1200 km). Deformation is concentrated very
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MWZ. One basin, 2 km deep, forms at each crustal OWZ.
The shear zones associated with the MWZ do not develop
significantly and they are abandoned after 7 Ma exten-
sion. The conjugate shears associated with the OWZ remain
active, dominated by those dipping toward the continen-
tal interiors. Distributed deformation associated with these
shears penetrates the entire ML, leading to lithospheric thin-
ning and asthenospheric uplift under both of these basins.
The right basin becomes dominant after 11 Ma and local-
izes the rifting leading to breakup by 21 Ma, while the other
offset basin is abandoned after approximately 13 Ma.
[28] In summary, in the SS(C)PP system, localized defor-
mation in the OWZ dominates, with one of the OWZ
becoming the main rift (Figure 3). The MWZ in the pliable
UML is largely ignored.
5.1.3. SP(C)SP: Coupled Pliable Lower Crust and Stiff
Upper Mantle
[29] When pliable lower crust (fCrust = 1) is coupled to a
stiff UML (Figure 4), the OWZ are active until ! 6.3 Ma,
allowing the development of two troughs, each less than
1 km deep. Two conjugate normal shear zones rooted in
the MWZ and associated upper crustal shears lead to frag-
mentation of the upper part of the keystone block into
several pieces, while the LC flows viscously away from
the main central rift, enabling the upper crustal blocks to
be pulled apart. The ocean-continent transition is therefore
much wider than when the crust is entirely stiff, and mantle
breakup occurs slightly before crustal breakup (16.5 Ma and
18 Ma, respectively), leading to asthenospheric underplating
beneath the thinned crustal layers. Rift shoulder uplift does
not exceed 1 km.
[30] In summary, the SP(C)SP system (Figure 4) is char-
acterized by very limited extension in the stiff UC and rapid
abandonment of the OWZ in favor of the localization and
breakup at the MWZ in the stiff UML.
5.1.4. SP(C)PP: Coupled Pliable Lower Crust and
Pliable Upper Mantle
[31] When the LC is pliable (fCrust = 1) and coupled to a
pliable UML (fUML = 0.5; Figure 5), the OWZ are active until
about 27.5 Ma, and extension leads to the formation of two
5 km deep basins through the thinning of the UC to the point
that it is nearly severed. This thinning is counterbalanced
by inward flow of the LC beneath the rifts, and associated
underlying pure shear extension of the mantle leading to a
slight uplift of the Moho over a width approximately twice
the basin width. The OWZ are abandoned when deformation
localizes by formation of shear zones at the MWZ, forming
and then fragmenting a crustal-scale keystone. This trig-
gers asthenosphere uplift and eventually leads to breakup at
47 Ma.
[32] In summary, the SP(C)PP system (Figure 5) under-
goes protracted rifting with initial localization of extension
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Figure 3. SS(C)PP. Evolution of (a) the small-scale model (x = 300–900 km; y = 0–50 km) and (b)
final stage in the upper 300 km of the large-scale model (x = 0–1200 km). Deformation remains localized
at the crustal Offset Weak Zones (dark blue) and the right one eventually becomes the locus of the final
breakup, while the left one is abandoned. The Mantle Weak Zone (pink) is ignored. The rifting is more
asymmetric than in SS(C)SP (Figure 2) and small-scale convection develops soon after breakup. This
phenomenon occurs in most models.
at the OWZ. Much later, the OWZ are abandoned when
localization finally occurs at the MWZ in the pliable UML.
5.2. Rifting of Decoupled (D) Crust and
Mantle Lithosphere
[33] In the following models, a low viscosity layer is
introduced into the bottom 5 km of the crust (WQz, f = 0.1).
5.2.1. SS(D)SP: Decoupled Stiff Crust and
Stiff Upper Mantle
[34] The SS(D)SP model comprises a thick stiff crust
( fCrust = 100) decoupled from the stiff UML ( fLML = fUML =
3; Figure 6). As the system is stretched, all the deforma-
tions rapidly concentrate at one of the crustal OWZ after
0.7 Ma. By 5 Ma, the crust at this OWZ is efficiently
thinned to a thickness of less than 10 km. At 13.8 Ma, the
thinned crust spans a 150 km wide region, directly over-
lying the extended and necked UML and LML. Breakup
occurs at 15 Ma. As one OWZ has concentrated all the
deformation and eventually becomes the locus of the rift-
ing, no offset basin has developed at either of the other
weak zones.
[35] In summary, in the SS(D)SP system (Figure 6), local-
ized deformation at one OWZ rapidly dominates, leading
to whole lithosphere extension and breakup at this location.
This behavior is similar to SS(C)PP (Figure 3), because the
decoupling layer in SS(D)SP is attenuated so that crust and
mantle become coupled.
5.2.2. SS(D)PP: Decoupled Stiff Crust and
Pliable Mantle
[36] When the stiff crust ( fCrust = 100) is decoupled from
pliable UML ( fUML = 0.5) by the basal 5 km thick low vis-
cosity layer (Figure 7), deformation concentrates very early
(before 0.7 Ma) at one crustal OWZ. Crust is efficiently
thinned to less than 10 km, as in SS(D)SP (Figure 6). At
5 Ma, faulting ceases and extension is accommodated by
shearing and thinning of the LC decoupling layer, causing
the UML to underplate this extremely thinned crust over a
width of more than 60 km.
[37] Localization develops in the UML below the OWZ
and not at the MWZ, leading to breakup at 17.5 Ma.
The final architecture of the margin is therefore asym-
metric, but the ML necking zone is extremely narrow on
both sides.
[38] In summary, in the SS(D)PP system (Figure 7),
localization is initially controlled by one OWZ leading to
associated but delayed necking of the ML at the same loca-
tion. There is negligible deformation at the MWZ in the
pliable UML.
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Figure 4. SP(C)SP. Evolution of (a) the small-scale model (x = 300–900 km; y = 0–50 km) and (b)
final stage in the upper 300 km of the large-scale model (x = 0–1200 km). Deformation localizes rapidly
at the Mantle Weak Zone (pink), while extension in the Offset Weak Zones (dark blue) is very limited.
The crustal keystone block above the Mantle Weak Zone in this model (Figure 4b) is wider than that in
SS(C)SP (Figure 2) because the lower crust is pliable.
5.2.3. SP(D)SP: Decoupled Pliable Lower Crust and
Stiff Upper Mantle
[39] When the stiff UML (fUML = fLML = 3) and pliable
LC (fCrust = 1) are decoupled by the low viscosity layer
at the bottom of the crust (f = 0.1; Figure 8), the OWZ
undergo extension for 5 Ma, resulting in the formation of
two less than 2 km deep offset basins. At this stage, the
OWZ are abandoned and deformation is limited to shear-
ing of the decoupling layer until 7.5 Ma, after which normal
shear zones successively develop in the UC on each side
above the MWZ. These shears remain active for less than
5 Ma leading to the development of shallow basins. In the
ML, deformation has localized on the MWZ, inducing LML
breakup at 15 Ma and crustal breakup at ! 28.5 Ma.
[40] In summary, the SP(D)SP system (Figure 8) is char-
acterized by the early development of rift basins at the OWZ.
Later, the localization refocuses at the MWZ leading to
breakup.
5.2.4. SP(D)PP: Decoupled Pliable Lower Crust and
Pliable Mantle
[41] When the pliable LC (fCrust = 1) is decoupled from the
pliable UML (fUML = 0.5) by the low viscosity basal layer
(Figure 9), both crustal OWZ are stretched in a symmetric
manner forming 5 km deep basins. There is no significant
extension in these basins after 12.5 Ma, but deformation
is still accumulated at the OWZ until 25 Ma, because the
LC flows toward the basins while the underlying mantle,
deformed by pure shear, is slightly uplifted. Protracted man-
tle extension focused on the MWZ starts at 15 Ma, followed
by mantle breakup at 37.5 Ma. Deformation in the overlying
crust initially takes the form of a wide keystone block, which
subsequently disaggregates (Figure 9). Crustal breakup is
achieved at 40 Ma.
[42] In summary, the behavior of the SP(D)PP sys-
tem (Figure 9) is similar to that of the SP(D)SP system
(Figure 8), in that there is early development of rift basins
at the OWZ before their abandonment and refocusing of the
deformation and breakup at the MWZ located in the pli-
able UML. However, rifting of the pliable UML takes much
longer.
5.2.5. Accessory Models
[43] In order to complete the investigation of stiff/pliable
lithospheric layering during rifting, we include in the
Supporting Information some accessory models with a uni-
formly linear viscous (1021 Pa s) pliable surface layer. These
models are not like the Earth because the near-surface of
the Earth is normally cold and therefore stiff. However,
these P-surface-layer models, PP(C)SP, PP(C)PP, PP(D)SP
and PP(D)SP (Figures S3–S6), behave exactly as predicted
by the stiff/pliable hypothesis and provide dramatically con-
trasting examples to those presented above. In summary, the
models with a stiff UML develop a necking instability at
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the MWZ followed by ML breakup. Those with a pliable
UML undergo protracted pure shear extension of the ML.
In all of these cases with pliable upper crust, the OWZ are
essentially ignored and the crust extends by near uniform
pure shear over a wide region. The PP(C)SP (Figure S3)
and PP(D)SP (Figure S5) models indicate how very wide rift
zones and continental margins may develop and represent an
alternative mechanism for the formation of wide rifts to the
one presented by Buck [1991] (see section 3). Our models
also illustrate an end-member case in which offset rift basins
would not form in hot pliable crust.
5.3. Interpretation of Model Results in Terms of Stiff
and Pliable Lithospheric Layering
[44] Earlier, we introduced the proposition that a primary
control on the lithospheric rifting style is the stiff versus pli-
able nature of the layers containing the weak zones. The
models were designed to test this idea, in that the properties
and positions of the OWZ are constant, and only the stiff-
ness of the crust and UML and their coupling vary among
models. Layers that are frictional-plastic (equation (4)) are
by definition stiff, whereas those that undergo power-law
flow (equation (5)) are pliable. We have verified that this is
true in the models by checking that the state of stress is on
yield for plastic/stiff layers, and below yield for those that
are viscous. The intrinsic behavior of the system depends
on the combination of stiff and pliable layers. As shown by
Fletcher and Hallet [1983], Zuber et al. [1986] and many
others, lithosphere with a stiff plastic layer has the potential
to develop rapidly growing necking and boudinage instabil-
ities, whereas such instabilities only grow slowly, if at all,
in lithospheres with pliable layers. We define a stiff layer to
satisfy the main requirement for the rapid development of
plastic necking instabilities [Fletcher and Hallet, 1983].
[45] Analytical stability calculations consider the growth
rate of small perturbations superimposed on the basic flow
regime [e.g., Fletcher and Hallet, 1983]. We have instead
modelled cases where the weak zones act to perturb the flow.
The result is, however, similar in that we want to know if
the weak zones will trigger necking instabilities and how
long these instabilities will take to grow.We therefore expect
two syn-rift extensional phases: Phase 1 before necking
instabilities develop, and Phase 2 during which deformation
localizes at weak zones (or elsewhere) and seeds lithospheric
necking leading to lithospheric breakup. We use the termi-
nology that Phase 2 breakup occurs at the main rift, and
that offset rift zones are regions of localized extension that
are active during the rift phase, but are not the site of final
rupture.
[46] When the stiff crust and UML are strongly coupled,
as in (C) models, the intrinsic rheological stratification is
relatively simple [e.g., Fletcher and Hallet, 1983; Zuber
et al., 1986]. It comprises a stiff upper layer underlain by a
viscous layer in which the viscosity decreases with depth
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Figure 6. SS(D)SP. Evolution of (a) the small-scale model (x = 300–900 km; y = 0–50 km) and (b)
final stage in the upper 300 km of the large-scale model (x = 0–1200 km). Extension is concentrated very
early at the right Offset Weak Zone (dark blue), which become the locus of the final breakup, while the
left Offset Weak Zone and the Mantle Weak Zone (pink) undergo very limited deformation.
owing to increasing temperature. In the two cases, SS(C)SP
and SS(C)PP, the upper stiff layer is respectively the crust
plus UML and solely the crust. Both of these models
develop according to expectations. In SS(C)PP (Figure 3),
the OWZ in the stiff crust become the locus of necking
instabilities and the MWZ is ignored because it is in a
pliable layer. One OWZ finally drives the necking of the
underlying viscous ML (Figure 3). In contrast, in SS(C)SP
(Figure 2), the stiff layer contains both the OWZ and the
MWZ. In this case, the necking instability develops early
at the MWZ and the OWZ never undergo significant exten-
sion. Of course, the converse behavior can also occur if
the sizes and strengths of the weak zones are adjusted, so
that the OWZ become the locus of necking. These model
behaviors can be quantified using the analysis in Fletcher
and Hallet [1983] and the Zuber et al. [1986] “C-model”.
The weak zones act as the heterogeneities that seed the per-
turbation flow and positive feedback leads to the necking
instability.
[47] Our (C) models also demonstrate the relationship
between the rift phases and the growth rates of the necking
instabilities. In SS(C)SP (Figure 2), Phase 1 is very short
(! 2.6 Ma) by which time the necking instability has devel-
oped at the MWZ leading to early breakup at 12.5 Ma. In
SS(C)PP (Figure 3), Phase 1 is longer (! 10 Ma) and the
crustal necking instabilities grow more slowly, owing to the
pliable UML, leading to breakup at 21 Ma.
[48] Models with a pliable LC have a more complex
development, because there is the potential for some level of
independent deformation of the crust and UML, as demon-
strated by comparison of SP(C)SP (Figure 4) with SS(C)SP
(Figure 2). In SP(C)SP, the OWZ are now capable of seed-
ing the necking instability in the stiff crust, because it is
no longer strongly coupled to the UML. This allows initial
extension for ! 4 Ma at the OWZ, but this is overtaken by
the more rapid necking localized at the MWZ, which leads
to Phase 2 necking of the entire lithosphere and breakup at
19 Ma.
[49] In SP(C)PP (Figure 5), the initial development is sim-
ilar to SP(C)SP (Figure 4) with necking instabilities at the
OWZ. However, unlike SS(C)PP (Figure 3), the necking
instability is not transmitted to the pliable UML, because the
system is only partly coupled. Instead, very slow thinning in
the pliable UML eventually develops, leading to Phase 2 that
lasts from 25 Ma to eventual breakup at 47 Ma. It is clear
from the comparison of SS(C)PP with SP(C)PP that a neck-
ing instability in a stiff layer must be able to drive necking
of the overall lithosphere if it is to become the main rift. The
protracted nature of rifting in SP(C)PP also demonstrates
that necking instabilities at the OWZ were not capable of
forcing necking of the overall lithosphere. This style can be
contrasted with SS(C)SP (Figure 2) where the necking insta-
bility at the MWZ in stiff crust and UML forced the necking
instability to completion in 12 Ma.
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Figure 7. SS(D)PP. Evolution of (a) the small-scale model (x = 300–900 km; y = 0–50 km) and (b) final
stage in the upper 300 km of the large-scale model (x = 0–1200 km). Deformation style is very similar
to model SS(D)SP (Figure 6): The right crustal Offset Weak Zone (dark blue) localizes the rifting very
early, while there is almost no extension at the two other weak zones.
[50] When there is a viscously weak decoupling layer, as
in (D) models, the intrinsic rheological stratification [e.g.,
Zuber et al., 1986] comprises a stiff UC and either a stiff
or pliable LC underlain by the crustal decoupling layer. The
underlying either stiff or pliable UML has a viscous sub-
strate, in which the viscosity decreases with depth owing to
increasing temperature. When the system comprises two stiff
layers (our SS(D)SP (Figure 6) and SP(D)SP (Figure 8) sys-
tems), Zuber et al. [1986] show that in the absence of the
weak zones, there is potential for two necking instabilities,
with short and long wavelengths respectively, associated
with the crust and ML.
[51] The SS(D)SP (Figure 6) and SS(D)PP (Figure 7)
behave in a similar way. The stiff crust is sufficiently thick
and independent from the mantle that the necking insta-
bility at one OWZ grows rapidly. However, after 2.5 Ma,
the decoupling layer becomes attenuated so that the UML
becomes coupled to the necking crust. In these cases, and
unlike SP(C)PP (Figure 5), this coupling allows the neck-
ing instability to be forced onto the ML and breakup occurs
at the OWZ. This behavior is predictable for SS(D)PP, but
for SS(D)SP, it demonstrates that OWZ crustal necking
instabilities can outpace the one located on a MWZ.
[52] The SP(D)SP contrasts nicely with SS(D)SP in that
the stiff crust is now thinner, the necking instabilities at the
OWZ grow more slowly (Figure 8 versus Figure 6), which
provides more time for the mantle necking instability to
develop. In this case, breakup occurs by necking focused
on the MWZ.
[53] The SP(D)PP (Figure 9) is similar to SP(C)PP
(Figure 5) in that relatively slowly growing necking insta-
bilities develop at the OWZ. In both cases, there is some
decoupling so that the crustal necking instabilities do not
force deformation into the underlying mantle, in contrast
to SS(C)PP (Figure 3). However, the greater decoupling in
SP(D)PP leads to a protracted interval in which theML at the
MWZ necks slowly because the UML is pliable and focuses
deformation very slowly. Breakup eventually occurs at the
MWZ at 40 Ma, requiring twice as long as SP(C)PP.
[54] The behavior of models we have investigated is sum-
marized in Figure 10 in terms of the tradeoff between pliable
and stiff ML, the stiffness of the crust, and coupling between
crust and mantle. In summary, the primary control is the
stiffness of one or more layers in the lithosphere. Stiff
lithosphere may develop necking instabilities but pliable
lithosphere does not. Early development of rapidly grow-
ing instabilities will make Phases 1 and 2 short and leave
little time for extension localized at OWZ before necking
and breakup of the lithosphere. In contrast, a pliable UML
offers the greatest potential for maximum extension at the
offset rift zones, because they remain active for much of the
protracted rifting. The second important control is the decou-
pling layer, which allows stiff layers in the crust and ML to
act independently.
12
CHENIN AND BEAUMONT: OFFSET WEAK ZONES AND RIFT BASINS
D
ep
th
 (k
m) 0
20
40
1 cm a
-1
Distance (km)
900800700600500400300
Distance (km)
120010008006004002000
D
ep
th
 (k
m) 0
20
40
D
ep
th
 (k
m) 0
20
40
D
ep
th
 (k
m)
0
100
200
300
SP(D)SP
a)
b)
t = 5.0 Ma; ∆x = 50 km
t = 12.5 Ma; ∆x = 125 km
t = 27.5 Ma; ∆x = 275 km
t = 27.5 Ma; ∆x = 275 km
Figure 8. SP(D)SP. Evolution of (a) the small-scale model (x = 300–900 km; y = 0–50 km) and (b)
final stage in the upper 300 km of the large-scale model (x = 0–1200 km). Basins develop at the Offset
Weak Zones (dark blue) before rifting is localized in the central part of the model. The decoupling layer
accommodates important shearing and flow toward the thinned parts of the crust.
6. Results of the More Geologically
Realistic Models
6.1. Model Sensitivity to Dip of Crustal Weak Zones
[55] In this section, we are interested in offset basin evo-
lution, therefore, we focus on models with a pliable UML
( fUML = 0.5), so that the overall rheological stratification is
crust (WQz, f = 1), UML (WOl, f = 0.5), LML (WOl, f = 3).
To be geologically more realistic, the OWZ are inclined to
better represent an inherited orogenic front or fault. We also
add sedimentation (Figure 1).
[56] We test the model sensitivity to a range of initial dips
of the OWZ (30ı, 45ı, 60ı, 90ı and 135ı). The results show
that the activity of the offset basins is relatively insensitive
to the initial dip when it is different from 90ı (Figure 11): the
OWZ are activated immediately and abandoned at 31 Myr
in every case and lithospheric breakup is completed between
45 and 46.5 Myr. The deformation style of the OWZ and
the shapes of the basins differ to some degree, such that the
lower the OWZ dip, the more they deform by simple shear.
Thus, all basins have a similar 10–15 km depth, nearly twice
as deep as the case with only water loading [Beaumont and
Ings, 2012], and all the OWZ shears end up with a dip of
! 30ı (Figures 11c–11e and 11g). The shears associated
with the OWZ are narrow and well defined in the upper
25 km of the crust, but they become diffuse at greater depth
in the pliable LC and they flatten at depths approaching the
Moho (Figure 11a). In no model in this set are the offset rift
basins linked to the main rift (Figure 11a).
[57] Only in the case of the vertical OWZ is the deforma-
tion more akin to pure shear. In this particular case, the OWZ
are abandoned slightly later (35 Ma instead of 31 Ma), and
lithospheric breakup is delayed by about 6 Ma (achieved at
52.5 Ma) compared to the models with inclined OWZ.
6.2. Influence of the Crustal Properties in Cases of
Pliable Upper Mantle
[58] We next examine the sensitivity of offset rift basins
associated with OWZ initially dipping at 45ı to the rheo-
logical stratification of the crust (Table 3). In typical crust
(WQz, f = 1), OWZ subjected to extension deform by sim-
ple shear along the OWZ (Figure 12a). In weaker crust
( fCrust = 1/5; Figure 12b), this shearing induces LC uplift
in the footwall and subsequent rotation of the OWZ. Ductile
inflow below the basins enables the OWZ to accommodate
large displacements resulting in the formation of wide, very
shallow (< 5 km deep) basins, and significant pure shear
deformation in the underlying UML. This effect is even
more important when the viscosity of only the LC is reduced
( fUC = 1, fLC = 1/5; Figure 12c), leading to the formation of
core complex structures. Breakup is achieved earlier when
the crust is weak, and earliest if only LC is weak (43.8 Ma
and 37 Ma respectively, compared to 46 Ma for a crust
with f = 1).
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Figure 9. SP(D)PP. Evolution of (a) the small-scale model (x = 300–900 km; y = 0–50 km) and (b) final
stage in the upper 300 km of the large-scale model (x = 0–1200 km). Deformation style is very similar to
model SP(D)SP (Figure 8).
[59] Rifting occurs at theMWZ in all the models in this set
except for strong LC (LC = DMD, f = 1/10; see Figure 12d).
In this case, shear zones develop at the left OWZ, extend-
ing through the LC and flattening as distributed shears in
the UML. Deformation is limited to both crustal OWZ until
22.5 Ma and leads to the formation of two sedimentary
basins deeper than 20 km, while the MWZ is ignored. The
right basin is then abandoned and mantle deformation local-
izes at the left one, with breakup at 32.5 Ma. The dry
Maryland diabase rheology of the LC (DMD, f = 0.1) ren-
ders the whole crust stiff and coupled to the pliable mantle,
equivalent to SS(C)PP (Figure 3), but with sediment loading.
The rifting style is the same, but the offset basin geometry is
quite different.
[60] The crustal rheology also strongly influences the
deformation style at the MWZ and between OWZ and
MWZ. When fCrust = 1 (Figure 12a), two conjugate shears
are slowly seeded by the MWZ in the pliable UML and form
Mantle
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SS
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Figure 10. Rift style as a function of relative crust and mantle stiffness in (a) coupled crust and mantle
systems (Type I lithosphere) and (b) decoupled crust and mantle systems (Type II lithosphere). No offset
basins are expected to develop in coupled systems when the UML is stiff. For decoupled systems, offset
basins develop for SP crust whether the UML is SP or PP.
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a)
b)
c) d)
e) f)
g)
Figure 11. Rift sedimentary basins associated with crustal Offset Weak Zones (OWZ) after 30Ma exten-
sion. (a–c) small-scale model with OWZ dipping at 30ı in which Figure 11b) is the small-scale model,
Figure 11a is accumulated strain, and Figure 11c is a close up view. (c–g) Close-up views of the right off-
set basin in which the OWZ dips at Figure 11c 30ı, Figure 11d 45ı, Figure 11e 60ı, Figure 11f 90ı, and
Figure 11g 135ı. The central part of the model evolves in a similar way in all these experiments.
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Figure 12. (top) Lithosphere architecture and (bottom) accumulated strain in the small-scale model
(x = (300; 900) km; y = (0; 50) km) after 30 Ma extension in the case of a pliable upper mantle (fLML = 3;
fUML = 0.5) and different crustal rheologies: (a) fCrust = 1; (b) fCrust = 1/5; (c) fUC = 1, fLC = 1/5; (d)
fUC = 1, LC = DMD, f = 1/10; (e) fCrust = 1, fLCdcpl = 1/10; (f) fCrust = 1, fMCdcpl = 1/10; UC = Upper Crust,
LC = Lower Crust, MC =Middle Crust; DMD = Dry Maryland Diabase; dcpl = decoupling layer. Results
are discussed in the text.
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a crustal keystone block. In this case, the offset rifts both
develop and are abandoned without any significant connec-
tion between them and the rift axis. If the whole crust is
weaker (fCrust = 1/5; Figure 12b), a series of conjugate shears
and associated basins develops, spreading from the MWZ
toward the two OWZ, resulting in the boudinage of the
UC. This behavior corresponds to theory [e.g., Fletcher and
Hallet, 1983; Zuber et al., 1986] that a stiff crustal layer can
develop a boudinage instability in addition to single necks.
Here, the boudinage is superimposed on deformation at the
OWZ and MWZ and, as expected, develops later.
[61] When only the LC is weak (fUC = 1; fLC = 1/5),
conjugate shear zones form at the level of the MWZ and
link with the OWZ through shears in the LC (Figure 12c).
This linking is assisted by pressure-induced Poiseuille LC
inflow toward the offset basins, which results from the UC
extension accommodated by the OWZ.
[62] When a thin decoupling layer exists (Figures 12e and
12f), its depth influences the deformation style of the OWZ,
hence the shape of the offset basins, but has little effect on
the central rift dynamics, and thus little effect on the dura-
tion of offset basin activity. In both cases (Figure 12e and
12f), the offset basins are abandoned at 25 Ma and breakup
follows at 40 Ma. For these particular examples, base-crust
decoupling gives slightly shallower asymmetric basins, as
seen earlier, but mid-crust decoupling gives near-symmetric
basins with a central ridge that results from LC inflow below
the decoupling layer.
6.3. Effect of the Distance of the OWZ From the
Central Rift Axis on the Development of Offset Basins
[63] We now study the influence of the distance, L,
between the OWZ and MWZ on offset basins dynamics
in a series of experiment where the OWZ are located at
7 km (model L7), 28 km (L28), 65 km (L65), 100 km
(L100), 150 km (L150) and 175 km (L175) from the MWZ
(Figures 13a–13e). We also investigate the interplay between
several crustal weak zones by defining two pairs of crustal
OWZ located at 100 and 150 km on both sides of the
MWZ (model L100+150, Figure 13f). In this set of exper-
iments, both the LC and the UML are pliable (fCrust = 1;
fUML = 0.5) and all OWZ dip at 45ı. All basins that are asso-
ciated with the OWZ are filled with sediment to 1 km below
sea level.
[64] Results show that when L is greater than a critical
distance, (, all of the offset rift basins are the same: they ini-
tiate and are abandoned at the same time and have identical
shapes and sedimentary infill. Conversely, when L < (, their
evolution is highly dependent on the OWZ location.
[65] When the OWZ are less than 28 km from the MWZ
(models L7 and L28), the OWZ and the MWZ are strongly
linked through lower crustal shear zones, and deformation
remains localized in the central part of the model until
25 Ma in model L7, and until 30 Ma in L28. At that time,
new shears are created on both sides beyond the OWZ,
resulting in the formation of a series of new sedimen-
tary basins. Extension and uplift of asthenosphere occurs
under these new basins in L7, and beneath both OWZ
and MWZ in L28. One of these new basins becomes the
locus of the rifting in both L7 and L28, with breakup at
about 52 Ma, later than in models with more distant OWZ
(between 38 and 47.5 Ma in L65, L100, L150 (not shown)
and L175). These models illustrate the interesting result
that when rifting is protracted, as in SP(C)PP-type mod-
els, there is time for the deformation on the OWZ to seed
a boudinage-like instability in the uniform crust that prop-
agates outward to form a wide rift, in these cases about
400 km wide.
[66] When L # 150 km (models L150 (not shown) and
L175), the result is formation of similar offset basins. They
initiate and are abandoned at the same time, have an iden-
tical shape, and accumulate the same amount of sediment.
No connection is established between the MWZ and the
OWZ neither in L150, nor in L175; the latter are abandoned
at ! 30 Ma, as deformation migrates toward the center
to localize eventually at the MWZ. Rifting is completed at
! 47.5Ma in both cases. Model L100 illustrates the opposite
style of rift propagation to L7 and L28. Here, the deforma-
tion at the OWZ seeds an inward propagating boudinage-like
instability, leading to the development of rift basins that fill
the region between the OWZ.
[67] The evolution of model L65 is close to that of L100
and L175, in that the OWZ are active before the MWZ,
inducing migration of the deformation toward the center.
However, in L65 a connection between the OWZ and the
MWZ is clearly established, and it permits the OWZ to be
active for a longer period, thus the sedimentary basins accu-
mulate more sediment than in L100 and L175. In the model
with two pairs of OWZ situated at 100 and 150 km on
both sides of the MWZ (model L100+150), all the four off-
set basins have an identical evolution, which is similar to
models L100, L150 and L175.
[68] That the shape and dynamics of the basins are similar
when OWZ are further than the critical distance ( suggests
that the MWZ has a finite size zone of influence, outside
of which an OWZ evolves independently. This is consistent
with the absence of high strain structures linking the offset
basins to the rift axis in models L150 and L175. In this set
of models 100 < ( < 150 km, but this is of course highly
dependent on the crustal rheology and thermal state. The
development of offset basins when L > ( also demonstrates
that stiff UC has an intrinsic “give” which allows limited
local extension on all OWZ without the need for linkage to
the main rift. The amount of extension will depend on the
properties of the crust and does not occur for pliable UC
(Figures S3–S6).
6.4. Effect of the Size of the Mantle Weak Zone
[69] The evolution of the models presented here also
depends on the size of the MWZ. Small MWZ will take
longer both to localize deformation at the MWZ and to grow
the necking instability and will therefore take longer to com-
plete rifting.We have determined the sensitivity of the length
of the syn-rift phase to the size of the MWZ for two series
of models, with a stiff and with a pliable UML respectively,
in order to show the time lags that can be expected.
[70] The models comprise two crustal OWZ dipping at
45ı situated at 150 km on each side of a central MWZ
(similar to Figure 1). Sedimentation, diffusive erosion and
water loading are modeled. Three differently sized MWZ
were tested for cases with stiff and pliable UML and an
SP(C) crust, and the results are given in Table 4 and
Figure S7.
17
CHENIN AND BEAUMONT: OFFSET WEAK ZONES AND RIFT BASINS
Figure 13. (top) Lithosphere architecture and (bottom) accumulated strain at breakup in the small-scale
model (x = 300 – –900 km; y = 0 – –50 km) in the case of a pliable lower crust (fCrust = 1) and a pliable
upper mantle (fLML = 3; fUML = 0.5) for offset weak zones at different distances L to the rift axis: (a) 7 km;
(b) 28 km; (c) 65 km; (d) 100 km (e) 175 km; (f) 100 and 150 km. Results are discussed in text.
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Figure 14. Tectonic rifting style of rifts and margins as a function of crust and mantle stiffness, and
corresponding natural examples. S stands for Stiff and P for Pliable, with crust as ordinate and mantle as
abscissa. Layers are listed from top to bottom, e.g., for crust SP implies stiff upper crust and pliable lower
crust. The tectonic rifting styles, I–IV, are discussed in the text.
[71] In the experiments with a stiff UML, the extensional
style remains similar, with breakup at the MWZ delayed by
4 and 9 Ma as the MWZ size is reduced (Table 4). Corre-
spondingly, the small rift basins that develop at the OWZ
become progressively deeper (4, 5 and 9 km) as the MWZ
becomes smaller, because they have longer time to develop
before localization occurs at the MWZ (Table 4). In the mod-
els with a pliable UML, localization at the MWZ is delayed
by about 8 and 13 Ma as the MWZ size is reduced, and
in the latter case, it occurs beneath an OWZ and not at the
MWZ. Breakup is correspondingly delayed by 4 and 6 Ma
(Table 4, Figure S7). Moreover, two additional offset rift
basins form adjacent to the initial ones in both models with
smaller MWZ, reflecting the additional time available for
necking instabilities to propagate.
[72] These sensitivity results are consistent with expecta-
tions and demonstrate the competition between the growth
rates of the crustal and UML necking instabilities. In the case
of a stiff UML, small MWZ are still detected, but localiza-
tion and breakup are delayed. In the case of pliable UML
with the smallest MWZ, localized deformation begins at the
MWZ, but is out-competed by the crustal necking instabil-
ity, giving results similar to SS(C)PP (Figure 3), but with
crustal offset rift basins. This result is essentially the same
as a model with no MWZ.
7. Discussion and Application to Natural
Examples
[73] On the basis of our model results, we suggest that
the first-order rift architecture and the existence of offset rift
basins can be explained in terms of crust and mantle stiffness
as shown in Figure 14, which complements Buck’s (1991)
classification of wide and narrow rifts and broadens it to
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include offset basins. We have tentatively identified four dis-
tinct tectonic rifting styles (I–IV), and have assigned natural
examples, which we discuss below, to these styles.
[74] According to the model results, rifting in stiff litho-
sphere (tectonic rifting style I) should result in narrow
margins without offset basins. We therefore do not expect
offset rift basins to develop in cratonic lithosphere, where
the low geothermal gradient produces a stiff rheology both in
the crust and UML. This conclusion is supported by the nar-
row conjugate Labrador Sea margins between the Archean
Nain province, Labrador, and the Archean craton of south-
west Greenland. The crust on the Labrador side thins to less
than 10 km over a distance of 100 km, and the Greenland
margin of the North Atlantic craton is less than 50 km wide
[Chalmers et al., 1993; Chian et al., 1995, Figure 12]. Fur-
ther north, also in the Archean Nain Province offshore the
Torngat Orogen, the crust thins from 38 km to less than
10 km over a distance of only 25 km [Funck and Louden,
1999, Line 5E, Figure 13]. There are no offset basins.
Xenolith studies [e.g., Sand et al., 2009] confirm the cratonic
nature of lithosphere beneath southwest Greenland with a
depleted upper mantle and low heat flux. This type of cra-
tonic lithosphere corresponds to our SS(C)SP or SS(D)SP
models (Figures 2 and 6, respectively), neither of which
develops offset basins.
[75] The central part of Baikal rift is another exam-
ple of a narrow rift lacking offset basins. The Baikal rift
formed at a suture resulting from early Paleozoic accretion
of arcs and terranes against the Siberian craton, which lies
to the northwest of the rift and is interpreted to underlie
the central rift [Petit and Déverchére, 2006]. In contrast,
to the southwest and northeast the Baikal rift is up to
200 km wide and comprises multiple basins where the rift is
located in the Paleozoic crust. The central rift has a strong
crust with earthquakes to a depth of 34 km and a high
effective flexural thickness of 30–50 km, suggesting that
the UML is also flexurally strong [Petit and Déverchére,
2006]. The model that best illustrates this case is SS(D)SP
(Figure 6), which takes account of the inferred strong
uppermost mantle. Alternatively, if the flexural strength is
entirely in the crust, SS(D)PP (Figure 7) is also accept-
able. Both predict a narrow rift without offset basins and
the second allows for the possibility that UML and crustal
extension are somewhat offset from each other [Petit and
Déverchére, 2006].
[76] The Shanxi rift system in China [e.g., Zhang et al.,
1998], like the Baikal rift, is narrow in the central part,
where it crosses the middle of the North China craton. This
500 km long segment comprises three left-stepping rifts,
each approximately 40 km wide. The rift developed during
the late Neogene and is interpreted as evidence of the pro-
gressive thinning and breakup of the craton [e.g., Xu, 2007],
which is also delineated by the North-South Gravity Lin-
eament. On the basis of the lack of offset rift basins, the
narrow character of the rift and the underlying cratonic litho-
sphere, we assign the central Shanxi rift to tectonic rifting
style I.
[77] Additional examples of narrow rifts are segments of
the East African rift system, particularly parts adjacent to the
Archean Tanzania craton, and the Rio Grande rift. In the East
African rift, the narrow rift basins are localized in the adja-
cent Early (western rift) and Late (eastern rift) Proterozoic
orogenic belts and to the south in the Malawi rift, which is
also narrow and does not have offset rift basins.
[78] The Rio Grande rift, which borders the Colorado
Plateau, formed in Proterozoic accretionary lithosphere.
Although mostly narrow in the north, parts of the rift are
up to 200 km wide and it becomes much wider to the south
[Keller and Baldridge, 1999; Wilson et al., 2005a], where it
has a similar character to the adjacent Basin and Range. We
focus on the region at and to the north of the LA RISTRA
seismic profile [Wilson et al., 2005a]. Crustal thinning along
this profile is symmetric. Given the evidence that the lower
crustal expression of the rift, width 200 km, is up to four
times wider that the surface rift [Wilson et al., 2005a, 2005b],
we interpret the Rio Grande rift in this region to have an SP
crust. We also consider it to be transitional between tectonic
rifting styles I in the north and II in the center, with exten-
sion extending for critical distances of approximately 50 km
from the central rift, as in L28 or L65, but with no more
distant offset basins. The general character of the rift cor-
responds most closely to the SP(C)SP style (Figure 4) with
limited to no extension in distant offset basins, but clearly
not like SP(D)SP (Figure 8).
[79] Rifting in the South Atlantic produced wide mar-
gins in the parts controlled by the Neoproterozoic fold
belts, but much narrower margins where rifting involved
the Archean São Francisco-Congo cratons [Mohriak et al.,
2008]. Here, the Almada and Camamu margins that are
adjacent to the São Francisco craton are narrow with thick
syn-rift sediment and do not have offset basins [Blaich et al.,
2010]. They have SS(C)SP or SP(C)SP characteristics, tec-
tonic rift style I. In this respect, they are similar to the central
Baikal rift in that the rift developed at the boundary of the
adjacent craton.
[80] However, immediately to the north of the Camamu
Basin, rifting in lithosphere affected by Brasiliano and Pan-
African tectonics between the Gabon and Jacuipe-Sergipe-
Alagoas margins developed offset basins, including the
Jatobá-Tucano-Recôncavo system in Brazil and the Gabon-
Oriental rift in Gabon [Castro, 1987; Blaich et al., 2008]. It
appears that within this part of the margin, the Proterozoic
belts were wide enough to accommodate narrow rifted mar-
gins, but also to allow the development of the offset basins at
the boundary with the São Francisco craton. That the Gabon
margin is wider may be explained by the correspondingly
wider Proterozoic belts on the conjugate margin. These char-
acteristics conform to an SP(C)PP-type lithosphere, tectonic
rift style II (Figure 5).
[81] By comparison with the rifts described above, rift-
ing related to the opening of the North Atlantic ocean is
believed to have occurred in warmer lithosphere, partly
owing to the insulating capacity of the Pangea supercon-
tinent [Hawkesworth et al., 1999] and because rifting in
the central North Atlantic occurred in orogenic lithosphere
inherited from the much more recent Acadian/Alleghenian
and Caledonian/Variscan orogenies, which was unlikely to
have been fully thinned and thermally re-equilibrated in
the intervening 70 Ma. Moreover, the precursor orogenies
embedded numerous sutures. As stated in the introduction,
the Atlantic ocean is indeed bordered by numerous offset
basins [Withjack and Schlische, 2005].
[82] In the southern North Atlantic for example, Pique
and Laville [1996] claim that the rifting occurred within the
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Alleghanian orogenic belt, where it was thinned and heated
by Permian delamination. The conjugate Nova-Scotia and
Morocco margins both have onshore sedimentary basins, the
Fundy-Chignecto-Minas Basins and the High and Middle
Atlas Basins, respectively. These cases could be illustrated
by our SP(C)PP or SP(D)PP models (Figures 5 and 9),
which both predict wide margins and formation of offset
basins.
[83] Further north, protracted rifting between Norway and
Greenland occurred within Caledonian orogenic lithosphere.
The main rifting phase is interpreted to be Early Creta-
ceous in age [Tsikalas et al., 2005] and there are basins
embedded within both of the wide conjugate margins that
are clearly older than the final phase of rifting, which
is Late Cretaceous to Early Cenozoic. These embedded
Cretaceousage basins [e.g., Tsikalas et al., 2005, Figure 6]
may have acted as offset rifts that were abandoned during the
later volcanic breakup phase. If this interpretation is correct,
this type of evolution would correspond to a younger version
of the Triassic offset basins, coupled with Jurassic breakup
in the central North Atlantic. The evolution would then be
consistent with SP(C)PP (Figure 5) or SP(D)PP (Figure 9)
models, which have long (30–40 Ma) phases of extension on
the OWZ before the main rift develops. All of these North
Atlantic margins correspond to tectonic rifting style II. An
additional example of a rift with offset rift basins is the south
and north ends of the Baikal rift, as noted above.
[84] In regard to rifts and rifted margins comprising wide
regions with multiple offset basins (tectonic rifting style
III, Figure 14), the Northern Carnarvon basin, western
Australia is an example in which Permo-Carboniferous
extension generated an extensive wide rift basin (the Wes-
tralian Superbasin), followed by more localized Mesozoic
rifting, which produced the Exmouth-Dampier-Barrow sub-
basins at the eastern margin of the original superbasin
[Karner and Driscoll, 1999;Gartrell, 2000].Gartrell [2000]
also presents the case for a second narrow Mesozoic rift at
the western boundary of the Exmouth plateau, leading to a
final rift phase with a pliable upper mantle, similar to the
SS(C)PP, SP(C)PP or SP(D)PP models (Figures 3, 5 and 9,
respectively).
[85] The best example of a very wide rift system is
the Basin and Range Province, Western USA, for which
Fletcher and Hallet [1983] and Zuber et al. [1986] have
applied boudinage/necking instability analysis. We add the
interpretation that the early core complex style may rep-
resent reactivated OWZ of the type seen in SP(C)PP type
models and Figures 13b and 13c, and that the development
of these OWZ rifts then triggered necking instabilities, par-
ticularly in the UC, over the whole province, leading to
the later “Basin and Range style”. This would correspond
to a much wider version of the L100 model (Figure 13d).
Wernicke et al. [2008] provides evidence that the system
remains decoupled in the lower crust over large areas in
the form of a megadetachment. Their conceptual Figure 15
has many features in common with SP(D)SP (Figure 8) and
L100 (Figure 13d), but not SS(D)SP (Figure 6). However,
the detachment in our models would have to be much weaker
in order to act in the same way as the megadetachment they
describe.
[86] The Permian West Siberian basin, spanning 1000–
1500 km between the Urals and the Siberian craton [e.g.,
Allen et al., 2006] is an additional example of a system
with multiple rifts and offset basins. However, in this case,
prolific magmatism suggesting a mantle plume beneath the
system may have complicated its development. The litho-
sphere is an amalgam of Proterozoic terranes, which may
give this region a SP(C)PP (Figure 5) or SP(D)PP (Figure 9)
character.
[87] Tectonic rifting style IV (Figure 14) may not exist
on Earth. However, we speculate that some ultra-wide South
Atlantic margins have this type of character.
8. Conclusions
[88] We have used finite element numerical modelling
to investigate circumstances under which inherited Offset
Weak Zones (OWZ) in continental crust and Mantle Weak
Zones (MWZ) are reactivated to form offset rift basins dur-
ing continental rifting and breakup. We define offset rift
basins as basins that are set off/offset from the main rift
or locus of breakup. Several model sets were investigated,
including set 1, a simple example containing two vertical
upper crustal OWZ, each offset from a single MWZ by
150 km; sets 2–5 are geologically more realistic examples
with dipping OWZ and sedimentation. set 2 tests the sensi-
tivity of the model to OWZ dip; set 3 investigates a range
of crustal properties; and sets 4 and 5 test the sensitivity of
reactivation to the distance between the OWZ andMWZ and
to the size of the MWZ, respectively. We draw the following
main conclusions.
[89] (1) Weak zones embedded in a stiff layer are pref-
erentially and rapidly reactivated, whereas the same zones
are either ignored or slowly reactivated when embedded in
pliable layers. Here, stiff (S) implies a nonlinear flow law
with a high stress exponent (n & 10,000), a plastic material,
and pliable (P) means a low stress exponent (n ! 2–5) as
in ductile, power-law creep of rocks. These conclusions are
consistent with the growth rates of necking instabilities in
stiff and pliable lithosphere [e.g., Fletcher and Hallet, 1983].
In our case, the necking instabilities develop at the weak
zones.
[90] (2) Whether offset rift basins form during rifting
of a composite lithosphere, comprising S and P layers,
depends on the competition between necking instabilities
that develop at the weak zones in the S layers, and the cou-
pling between the S and P layers. We use SP(C)SP, SP(D)SP,
etc. to denote models with crust and mantle lithosphere com-
prising S and P layers, and (C) and (D) to indicate whether
the crust and mantle are coupled or decoupled. In model
set 1, it was, for example, shown that S crust and UML
(model SS(C)SP, Figure 2) triggers a rapid necking instabil-
ity, resulting in early localization of the deformation at the
MWZ and breakup, thus precluding extension at any OWZ.
In contrast, model SP(C)PP (Figure 5), develops significant
offset sedimentary basins and has protracted rifting, because
the MWZ is now embedded in a P layer, which does not
develop a rapid necking instability.
[91] (3) The set 1 model results were organized as coupled
and decoupled tectonic rifting style diagrams to illustrate
these styles as a function of the stiff versus pliable layering.
When the crust is coupled to the underlying mantle, exten-
sion at OWZ may occur only if the upper mantle is pliable,
while the stiffness of the crust influences only the width of
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the margin (Figure 10a). On the contrary, when a viscous
layer between the crust and the mantle acts as a decoupling
level, offset basin will form only if the lower crust is pliable,
while the rheology of the mantle has little effect on the rift
architecture (Figure 10b).
[92] (4) The sensitivity tests to the distance between the
OWZ and MWZ show that OWZ do not need to be linked
to the central rift for them to undergo extension. Indeed,
beyond a critical distance from the rift axis, OWZ are dis-
connected from the main rift and they extend in a similar
way, regardless of their number and location. OWZ that are
closer than the critical distance are coupled to the central rift
along a sub-horizontal shear zone, and interact with the main
rift during extension.
[93] (5) A tectonic rifting styles diagram (Figure 14)
shows that the model rift styles are in good general agree-
ment with those of natural rifts and rifted margins. In
particular, no offset basins are predicted during the rifting of
cratonic lithosphere (style I), whereas offset rifts bordering
the North Atlantic are consistent with stiff UC and pliable
UML (style II). The basin and range style maybe an extreme
version of this type in which necking instabilities initially
developed at OWZ and then propagated throughout the crust
(style III). Tectonic rifting style IV is not Earth-like, but
certainly predicts wide rift basins and margins.
[94] On the basis of these results, we endorse the view
that inheritance is a primary factor controlling lithospheric
rifting. This may explain the diversity of rifts and rifted mar-
gins and lack of a paradigm for their evolution. Furthermore,
the stiffness of the layers in which inherited weaknesses are
embedded also determines rifting style.
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